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The scenario of crystallization of a terrestrial magma ocean that seems to be consistent with
both fluid dynamical and geochemical constraints is as follows. Even the largest impact is
unlikely to melt the Earth completely. After the isostatic adjustment the temperatures at the
bottom of the mantle were probably near or somewhat above the solidus. In less than a thou-
sand years the solidification front propagates toward the surface and stops at some critical
pressure, leaving the mantle below undifferentiated. Differentiation occurs mainly in the remain-
ing shallow magma ocean, the lifetime of which extends well beyond the formation period.
Iron delivered by subsequent impacts accumulates at the bottom of this shallow magma ocean
and segregates into the Earth’s core. This boundary can correspond to the metal-silicate equi-
librium pressure of 28 GPa suggested by experiments on fractionation of siderophile elements.

1. INTRODUCTION The problem of the apparent excess of siderophile ele-
ments in the Earth’s mantle also seems to have a solution
A number of arguments suggest that the Earth underwbased on the magma ocean hypothesis. Recent experiments
a substantial melting during the accretion period. In particsuggest that metal/silicate chemical equilibrium was estab-
lar, it has been realized that some of the Earth-forming pldished around 28 GPa and 2200 K, which can be explained
etesimals were inevitably of the size of Mars or the Moamith the help of a core formation model involving a deep
(Safronov,1978; Wetherill, 1985, 1990, 1992Weiden- magma oceanL{ and Agee,1996; Righter et al.,1997;
schilling et al.,1997). Collisions with bodies of this sizeRighter and Drake1997). However, the physical nature of
could melt and even partially vaporize the EaBhfonov, this particular pressure remains unclear.
1978;Benz and Camerori990;Melosh,1990). Such large  Fluid dynamics provided additional constraints on crys-
impactors also gave a successful explanation for the oritailization of a terrestrial magma ocedioiiks and Melosh,
of the Moon, its composition, and the angular momentuh®90;Davies,1990;Miller et al., 1991a,bAbe, 1993, 1995,
of the Earth-Moon systenBénz et al.1986, 1987, 1989; 1997; Solomatov and Stevensat993a,b,c). It was sug-
Stevensonl1987; Newsom and Taylod989; Canup and gested that a low-viscosity, vigorously convecting magma
Esposito,1996;lda et al.,1997;Cameron,1997;Canup and ocean is more similar to an atmosphere rather than to a solid
Agnor, 2000). This and other factors such as greenhousantle. Even the temperature distribution is analogous to
effect, core formation, and radiogenic heating by short-livethe of a “wet” atmosphere with condensation and evapora-
isotopes Flasar and Birch,1973; Safronov,1978;Kaula, tion (equivalent to crystallization and melting).
1979;Abe and Matsuil986;Matsui and Abel1986;Zahnle Important for geochemical implications was the idea of
et al., 1988) imply a significant melting of the early Eartmonfractional (or equilibrium) crystallization as an alterna-
and lead to the hypothesis of a magma ocean. tive to the commonly assumed scenario of fractional crys-
The magma ocean hypothesis provided a new basis tilization. Tonks and Melos(i990) argued that convection

the explanation of the present-day composition of the Eaddin prevent crystal settling so that melting does not neces-
(Ohtani, 1985; Ohtani and Sawamotd,987; Agee and sarily cause differentiation. Further studies $gilomatov
Walker,1988;Herzberg and Gasparik,991;Gasparik and and Stevensofi993a) andolomatov et al1993) showed
Drake, 1995). However, geochemical models of differerthat the physics of suspension and differentiation in magma
tiation of a terrestrial magma ocean faced serious limitatiomseans is more complicated. Although crystal settling can
imposed by the observed nearly chondritic abundancesbefprevented, it is not as easy as was originally thought. It
minor and trace elements, which forbid any substantial dfeems that many theories developed for rather simple situ-
ferentiation of perovskite in the lower mantléafo et al., ations cannot be applied to magma oceans because of the
1988a,b;Ringwood,1990; McFarlane and Drake,1990; extreme conditions and the diversity of physical processes
McFarlane et al.,1994). On the other hand, the partitionin magma oceans.
coefficients are not well constrained at realistic tempera- This is particularly true for convection. Early analyses
tures, pressures, and compositions of magma oceans, @ncdonvection in magma oceans were based on a “classi-
the range of possible scenarios of chemical differentiatioal” model of thermal convection that is applicable only to
is still unclear (e.g.Presnall et al.,1998). relatively weak convection. However, a magma ocean is
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324 Origin of the Earth and Moon

likely to be in a different convective regime, perhaps “hard” 1
turbulence convectionSpera,1992). Kinetics of crystal

nucleation and growth is another example of a poorly un-
derstood process. It controls the size of crystals and there- 0.8 | .
fore the rate of differentiation.

The goal of this chapter is to review the physical pro-
cesses in a terrestrial magma ocean and suggest a scena
of crystallization of the molten Earth that is consistent with
geochemical constraints.
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2. THERMODYNAMICS i o

Thermodynamics of a partially molten mantle is affected Bl =
by phase changes and can be constructed with the help of
a standard thermodynamic approackhiorso, 1997; 0 A S R R R
Asimow et al.,1997). The phase diagram of the upper ~05 -03 -01 0.1 0.3 0.5
mantle shown in Fig. 1 is calculated with the help of a three- )
component model of magma oceans describesbliymatov Temperature (melting range)
and Stevenso(i1993b). We assume that at P < 10 GPa the
three components olivine, clinopyroxene, and orthopyroxehig. 2. Variation of melt fraction between liquidus (T = -0.5) and
form a eutectic-like system. Variation of melt fraction besolidus (T = 0.5) suggested by our model (solid line) fits well the
tween liquidus and solidus for this model is given in Fig.&XPerimental data collected BycKenzie and Bickl¢1988): O<

along with the experimental data fritkenzie and Bickle -5 0-5 GPa (crosses), 05P 1.5 (squares), 1.5 < P (triangles).
. This is a typical three-component eutectic-like system (olivine-

. . . I?)ﬁathopyroxene-clinopyroxene) with a step-like melting at the soli-
temperatures, their gradients, and the fractions of the th €. Solid solutions would replace this jump by a steep gradient.

components are adjusted to fit the experimental data shown

in Figs. 1 and 2.

In vigorously convecting systems such as magma oceans
the temperature distribution is nearly adiabatic and isen-
tropic

2400 a1 _oT 1)
dP pc,

where T is the temperature, P is the pressuis,the co-
efficient of thermal expansion, & the isobaric heat capac-
ity, and p is the density. Adiabats starting at different
potential temperatures (potential temperature is the adiabatic
temperature at P = 0) are shown in Fig. 1.

The three components in the lower mantle are perovskite,
MgSiO;, periclase, MgO, and wustite, FeO. Perovskite has
only a small amount of Fe and is considered to be a pure
MgSiO;, while periclase and wustite are assumed to form
an ideal solid solution. Figures 3a and 3b show the melting
temperatures of MgSIOMgO, and FeO, liquidus, solidus,
and the adiabats for the lower mantle. The melting tempera-
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Temperature, K
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1400 & ‘ ‘ ‘ ‘ tures of MgSiQ, MgO, and FeO (Fig. 3a) are based on labo-
0 2 4 6 8 10 . . .
ratory experiments and extrapolation to high pressures by
Pressure, GPa Boehler(1992) andzerr and Boehle (1993, 1994).

The liquidus and solidus curves predicted by this model
for the lower mantle are significantly steeper than single-
Fig. 1. Three adiabats in the upper mantle are shown with tE g y P 9

solid lines starting at 1600, 1750, and 1900 K. Liquidus, solid rbase adiabats. The solidus is very close to one estimated

(heavy solid lines), and the beginning of crystallization y Holland gnd Ahreng1997) anc!Zerr et al.(1998). The
orthopyroxene (dashed line) are shown together with experimdidus is high compared to previously published estimates
tal data for peridotites froMcKenzie and Bickl¢1988),Scarfe because of the high melting temperature of perovskite and
and Takahash{1986), andto and Takahash{1987): liquid (open the assumption that perovskite forms eutectic-like sub-
circles), solid (solid circles), and partial melt (crosses). systems with periclase and wustitde(1997), for instance,



Solomatov: Fluid Dynamics of Terrestrial Magma Ocean 325

8000 : : assumed an ideal mixture of MgSi@nd MgO, whileMiller
€)) et al. (1991b) andSolomatov and Stevens(1993b) as-
7000 F Prv . sumed a low melting temperature of perovskite based on
v the data byKnittle and JeanloZ£1989). For an ideal eutec-
¢ 6000 | . tic-like system, the liquidus,{ approximately follows the
5 MgO melting temperature gf, of pure perovskite MgSiQlow-
S 5000 [ - ered by the presence of MgO and FeO
2 k
g 4000 FeO Tprv - Tliq = Kiv nmprrv (2)
3000 | .
/ whereAS,,, is the entropy change per atom upon melting
2000 L L of pure perovskite, and,f, is the molar fraction of mag-
0 50 100 150 nesiowustite. For p, = 0.3,AS;, =5 kg [assuming that
Pressure, GPa the entropy change is approximately ger atom $tishov,
1988)] and T, = 7500 K we obtain J, — T, = 450 K.
Agee(1990) andZhang and Herzber(1994) found that
8000 T T A e . .
(b) magne.smw_ustlte.ls the liquidus phase in both chondrites and
2000 L | peridotites just slightly below the upper mantle/lower mantle
boundary. A small fraction of Fe in the solid perovskite and
xﬁ 6000 | i the presence of other components (e.g., Ca-perovskite) in
g melt would decrease the liquidus temperature. The estimates
= 5000 | i of the entropy change are also not very accurate. As a re-
) - sult, magnesiowdstite can be the first liquidus phase at low
g' 4000 i pressures, although at higher pressures it would still be
@ — — = substituted by perovskite (Fig. 3c).
3000 [ .
2000 , , 3. FORMATION OF MAGMA OCEANS
0 50 100 150 BY GIANT IMPACTS
Pressure, GPa 3.1. Mantle Temperature Before Impacts
8000 - - It is quite common to assume that at the latest stages of
() Earth’s formation the mantle temperature is close to soli-
7000 | 7 dus @be and Matsuil986; Sasaki and Nakazawa986;
X Zahnle et al.,1988). However, since the mantle solidus is
g 6000 ] steeper than the adiabat in the solid mantle, such tempera-
= ture distribution is gravitationally unstable. The effective
S 5000 | 1 density contrast between the upper and lower parts of the
3 mantle is
£ 4000 | .
= 1 dTsol — dTad ~ 3
3000 | Ap 2O(pH[ = dz) 120 kg m (3)
2000 : : where (see Table p= 4000 kg m3, o =3 x 105K-1, H=
0 50 100 150 3 x 10 m is the thickness of the mantle,g/fiz is the soli-
Pressure, GPa dus gradient, and Jdz is the adiabatic gradient (Fig. 3).

This density contrast causes gravitational instability that is
somewhat similar to a classical Rayleigh-Taylor instability

Fig. 3. (a)Melting curves of perovskite, MgO, and FeO accorq- :

X ) n a two-layer system. The timescale for the overturn can
ing toBoehler(1992) andZerr and Boehle(1993, 1994)(b) Adia- then be estimated agurcotte and Schuber1982)

bats in the convective magma ocean. Liquidus and solidus are

shown with a heavy solid line. The beginning of magnesiowustite

crystallization is shown with a dashed lig. An example of cal- ter =26 Ns (4)
culations where magnesiowustite is the first liquidus phase at the ApgH

top of the lower mantle as observed Agee(1990) andZhang

and Herzberg(1994). wheren; is the viscosity and g is the gravity.
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TABLE 1. “Typical” values of physical parameters for ~ 3.2. Impact-induced Melting
a magma ocean in the early stages of crystallization

(lower mantle, the liquidus phase is perovskite). Simulations of impactd\elosh,1990;Tonks and Melosh,
1993; Pierazzo et al.1997) suggest that the impact com-

?g;;'gfture . 4: xl?alig s pletely melts a region with the radius of about half the ra-
Thermal expénsioru 5 x 105 K-1 dius of the Earth. The temperature increase in the remaining
Thermal capacity, ¢ 108 J kgt K-1 parF of the Earth_|s due to the shock wave. _It decays very
Gravity, g 10me rapidly with the distance from the molten region so that the
Crystal/melt density differencéyp 300 kg m3 opposite side of the Earth is heated very little. The gravita-
Viscosity of melt at the liquidusy, 0.1Pas tional energy associated with this buoyant blob of partially
Viscosity of solids above the solidug, 107 Pa s molten material is converted into the heat during the sub-
Diffusion coefficient, D 160 m2 st sequent isostatic adjustment. This process redistributes the
Enthalpy change upon meltingH 108 J kgt mass to form a gravitationally stable system. The flow of
Apparent surface energyy, 0.02 J m? solid, dense material replaces the melt, which eventually
Pre-factor in the nucleation rate, a 24 s moves on top of the solid or partially molten layers. The
L'q.u'dus. grad'.e”t' dirdz 2 %163 K mr gravitational energy released during viscous deformation
Adiabatic gradient, djfjdz 6 x 104K m - . -

Variation of liquidus withg, dT/dg 10 K results in an additional temperature increase of 300—-400 K
Heat flux, F 160 J m2 s-1 on averageTonks and MelosH,990). A somewhat smaller
Angular velocity,Q 104 g1 amount of energy comes from gravitational separation of
Length scale, H 3 x BOm Fe from the impactorTpnks and Melosh992). The op-
Convective velocity, 4l 10 m st posite side of the Earth was probably heated by only about
Timescale for Ostwald ripening, t ae 500 K or so due to the net effect of the shock-wave heat-
Effective cooling rate in plumes 02 Kst ing, isostatic adjustment, and segregation of Fe from the
Crystal size, d 1 m impactor. If the initial thermal state was adiabatic, then a

significant portion of the Earth remained solid. If, however,
the initial temperature distribution was close to solidus, then
the impact would produce a completely molten region and
partially molten region of comparable sizes. In any case, a
This timescale depends critically gg The present-day complete melting of the mantle is unlikely because of the
mantle viscosity is around 290Pa s King, 1995). For the high liquidus temperature.
viscosity ng = 1020 Pa s corresponding to 200 K hotter The stresses ApgR associated with the molten blob
mantle (the viscosity decreases roughly at the rate of doeated on one side of the Earth are on the order of 10 GPa.

order of magnitude per 100 K) This exceeds the ultimate strength of rocks, which is about
1-2 GPa Davies,1982). Therefore, isostatic adjustment
too=2x10 Ns r could be an extremely fast process. Crystallization is a much
T = P v (5) .
10°Pas slower process that starts effectively at the latest stages of

the isostatic adjustment.
This is very fast compared to the timescale of Earth’s for-
mation, which is of the order of 4@r as suggested by 4. VISCOSITY OF MAGMA AND
numerical simulationsWetherill, 1990) and by isotopic “RHEOLOGICAL TRANSITION”
constraints on the timing of the core formatided and
Halliday, 1995; Halliday et al.,1996). In fact, a super- A large degree of melting of the mantle implies a very
adiabatic temperature gradient of only 100—200 K over thmall viscosity of the magma ocean. Experimental and theo-
entire mantle would be eliminated within Sl or so. retical studies suggest that the viscosity of many near-
Therefore, the mantle had enough time to maintain a nedidpidus ultramafic silicates at low pressures is arognd
adiabatic temperature during the accretion period. Howewerl Pa sBottinga and Weill,1972;Shaw,1972;Persikov et
the situation can be more complicated if a sufficiently large., 1990;Bottinga et al.,1995). Molecular dynamic simu-
density gradient was established due to crystal/melt difféations of MgO-SiQ give a value of 3 x 18-5 x 103 Pa s
entiation or migration of liquid iron diapir&lsasser1963; at 5 GPa\(Vasserman et al1993a,b), which is almost in-
Stevensor 981, 1990Karato and Murthy1997a). In par- dependent of temperature and composition.
ticular, an increase of the viscosity with depth could causeThe viscosity of a completely depolymerized melt
a higher concentration of liquid diapirs in high-viscosityweakly increases with pressurAndrade,1952; Gans,
regions and make a near-solidus mantle gravitationall®72). An increase of less than one order of magnitude can
stable. On the other hand, if the viscosity variations wepe expected along the liquidus throughout the lower mantle.
small, liquid diapirs could stir the mantle and maintain ifBhus, the viscosity of magma oceans near the liquidus is
nearly adiabatic state. The answer depends on the pogrigbably around 18-10-1 Pa s. In the region between soli-
constrained rheological stratification of the growing Eartldus and liquidus it is somewhat higher because of lower
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temperatures. However, the temperature effect is small 1®92; Siggia, 1994). By contrast, the ordinary turbulence

low-viscosity liquids (<1 Pa s), which exhibit a power-lavis called “soft” turbulence. One of the important features

rather than Arrhenius behaviddttinga et al.,1995). The of “hard” turbulence convection is the existence of a large-

value of 161 Pa s with the uncertainty of a factor of 10 wilscale circulation (“wind”). The equations suggested by

be assumed in all subsequent estimates (Table 1). Shraiman and Siggi§1990) can be rewritten in the form
Many authors pointed out that magma oceans can ceimilar to equation (6)

tain substantial amounts of watétalloway, 1988;Ahrens,

1992; Righter et al.,1997). Although water reduces the _ | aglF e 7
viscosity of magmas, in the limit of high temperatures the U = 2 pC, (7)
viscosities and diffusivities of many liquids including wa- P

ter are very similarRersikov et al.1990). Therefore, the where the coefficient a is calculated as

viscosity of completely depolymerized, high-temperature

hydrous magma cannot be much different from that of an- a= 0.052 o (8)
hydrous magma. 0.2/3

The viscosity of a melt/crystal mixture jumps abruptly
near a critical crystal fraction as suggested by theoretigdiere 0.22 and 0.052 are the pre-factors in the scaling re-
and experimental studies of concentrated suspensidatfonships for Nusselt and Reynolds numbers correspond-
(Mooney,1951;Roscoe1952;Brinkman,1952;Krieger and ingly, and x* is related to githrough
Dougherty,1959;Murray, 1965;Frankel and Acrivos1967;
McBirney and Murasel984;Cambell and Forgacsl990) P 5In|:&°| i] ‘6
and by experiments with partial mel#srzi, 1978;van der ' X<
Molen and Patersori,979;Lejeune and Richet995). This
can be called a “rheological transition.” It depends on thAée solution to the above transcendental equations gives a
crystal size distribution, the crystal shape, and other factér8, which varies weakly witpugl/n.

(9)

and is around 60%. In the “hard” turbulence regime, the velocity increases
by a factor of 10. This brings the estimate of the convec-
5. CONVECTION tive velocity in the magma ocean up to 40 m/s. At even higher
Rayleigh numbers, convection was expected to enter a new
5.1. “Classical’” Model of Turbulent Convection regime of turbulent convectiorKfaichnan, 1962; Siggia,

1994). However, recent experiments did not show any evi-

At small viscosities of the magma ocean, before the rh%)— ) . u "
i - S ence of such an “ultrahard” regime, and “hard” turbulence
logical transition, convection is extremely turbulent and |S

driven by cooling from the surface. The convective velol2s suggested to be the truly asymptotic regime of thermal

ity scales asRriestly, 1959: Kraichnan, 1962) convection Glazier et al.,1999). Therefore, “hard” turbu-

lence convection is probably applicable to the extreme con-
1/3 ditions of magma oceans.
aglF
Up = 0.6 —
pC,

(6)
5.3. Effect of Rotation

where F is the surface heat flux, | is the mixing length, and
the coefficient in front of this equation is constrained b
laboratory experimentDgardorff, 1970;Willis and Dear-

Despite recent attempts to study “hard” turbulence in the
resence of rotationJilien et al.,1996), there is no veloc-

) ity scaling in this case. The problem has not been completely
dorff, 1974) and atmospheric measureme@wughey and aﬁolved yet even for “soft” turbulence. However, the length

Palmer, 1979). The mixing length is approximately equ cale
to the depth of the magma ocean | ~ H. For either one-phasée
values of the parameters given in Table 1 or two-phase val- y
ues Golomatov and Stevensdr§93b), y= 4 m/s. |~ (10)
It is interesting that the parameter@P/3 is almost the Q
same for the magma ocean and the atmosphere. This ex- . . .
. ) : S explains rather well the experimentally observed reduction
plains why the above estimate is very similar to the observé . . : .
7 . : In the convective velocityQolitsyn,1980, 1981Hopfinger
velocities in the convective boundary layer in the atmos: ) . i .
here Caughey and Palmet979) et al.,1982;Hopfinger,1989;Boubnov and Golitsyr1,986,
P ' 1990;Chen et al.1989;Fernando et al.1991; Solomatov
and Stevensor,993a). Applying this scaling to “hard” tur-
bulence convection we obtain
At very high Rayleigh numbers (such as those relevant

to magma oceans) convection changes to a regime some-
Ug = 14{

5.2. “Hard” Turbulence

times called “hard” turbulence convectidbastaing et al.,

1/2
agF (11)
1989; Shraiman and Siggial990; Grossman and Lohse,

PG, Q
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This gives velocities around 16 m/s with the uncertainty of In the “hard” turbulence regimeSfraiman and Siggia,
a factor of 3. A moderate value of 10 m/s is used in tA®90; Siggia, 1994)
estimates below (Table 1).

k(T-T,)

Frara = 0.22————=* R&7prY7a\¥7  (19)

6. HEAT FLUX

In the early stages of crystallization, when the surface
temperature is high, the atmosphere is presumably a “silihere Pr =v/k is the Prandtl number andis the aspect
cate” one Thompson and Stevensd®88) and the heat flux ratio for the mean flow. The exact valueofs unknown
can be calculated with the help of the blackbody modelfor spherical geometry but is probably of the order of unity.
Figure 4 shows that during the initial period of crystal-
lization, when the temperature of the magma ocean is high
and convection is in the “hard” turbulence convection re-
where T, is the surface temperature aog = 5.67 x gime, the heat flux is close to ¥ m-2. During the latest
10-8J m2K-4is the Stefan-Boltzmann constant. stages of crystallization (upper mantle) the surface tempera-
This heat flux must match the heat flux transported tore drops below 1500 K and the heat flux decreases+o 10
the surface by convection. The convective heat flux depedd8 W m—2 due to a greenhouse effeétbge and Matsui,
on whether convection is in the regime of “soft” turbulencE986; Zahnle et al.,1988; Kasting, 1988). In the “hard”
or “hard” turbulence. In the “soft” turbulence regime  turbulence regime and foy; = 0.1 Pa s this does not hap-
pen until almost a complete crystallization of the magma

F=ogTy (12)

k(T-T. ocean.
Foott = o.osg(TS) Ra!® (13)
where 7. CONDITIONS FOR EQUILIBRIUM
CRYSTALLIZATION
_ag(T-T)H
Ra= KV (14) 7.1. “Sufficient” Condition for Equilibrium

Crystallization
is the Rayleigh number, T is the potential temperature, k is
the coefficient of thermal conductivity, = kipc, is the co- In this section we are concerned with the early crystalli-
efficient of thermal diffusivity, ane@ =n/p is the kinematic zation of the magma ocean, before the crystal fraction
viscosity Kraichnan,1962;Siggia,1994). reaches the rheological transition.

(a) (b)
107 T T T 2200 T T T
~ —— “Soft” turbulence — “Soft” turbulence -
£ — — “Hard” turbulence 2000 |- — — “Hard" turbuleng ~7
= g -
- 2 1800 | ~ .
X 10°} 0l - © 0L -~
2 - 10 _| 0 1600 _ -~ ——
E - — ——— S E
2 == 0.1 S 1400 :
Q 10°5 f - [} .
& 10 & 1200F -
@ @® 1000 -
104 1 1 1 800 1 1 |
1600 1800 2000 2200 2400 1600 1800 2000 2200 2400
Potential temperature, K Potential temperature, K
Fig. 4. (a)Surface heat flux an¢b) surface temperature are shown as functions of the potential temperature, the convective regime

(“soft” vs. “hard” turbulence), and the viscosity of magma (0.1-10 Pa s).
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The simplest scenario in which a magma ocean can crys3. Critical Crystal Size for Equilibrium
tallize without differentiation is one in which the crystal siz€rystallization
and settling velocity are so small that the magma ocean
freezes before any crystal-melt segregation occurs. What isSince both “necessary” and “sufficient” conditions ap-

the critical crystal size for this to happen? proximately coincide, the critical crystal size for equilibrium
The crystallization time is around crystallization up to about 60% crystal fraction is
(&He+ c, AT)M n 2 = v2
= — P 7 =400yr 16 erig = 1073 — m (23
o FA y (16) ort {O.lPa s|] (10°wm2 23)

whereAT ~ 1000 K is the average temperature drop upon The fact that these two estimates are very close to each
crystallization of the magma ocean up to the crystal framther is not surprising; their ratio scales approximately as
tion ¢~ 60%, M is the mass of the mantle, and s is the

surface area of the Earth. d _(Aplp S Y 2~ o4
The timescale for crystal settling islértin and Nokes, d, | oT A4S (24)
1988, 1989)
t = H/u 17 The interval between,dand g is negligible compared
s s to the uncertainties in the crystal size. Therefore, considera-
where tion of reentrainment of crystals from the bottdrorks and
Apgc? Melosh,1990;Solomatov and Stevensd®93a;Solomatov
us=f, 18, (18) et al., 1993) is unnecessary for these order-of-magnitude

estimates; at d <;asettling is negligible and reentrainment
is the settling velocity ang,fs a hindered settling functionis unimportant, while at d >,convection is suppressed and
such that = 1 atp = 0 Davis and Acrivos1985). Forp~ reentrainment cannot occur.
30% (on average),f- 0.15.

Requiring that crystallization is faster than settling, that
is t,, < t, we find that the crystal size should be smaller than 8. HOW BIG ARE THE CRYSTALS
IN MAGMA OCEANS?

12
d, = _A8Hn, 19 g1 oveni
fo0pt,, 1. Overview

or In general, if the crystal fraction @and the total num-
ber of crystals per unit volume is N then the crystal diam-

1/2 1/2 . . .
d1=10'3( n SJ ( F ) m (20) eter (assuming spherical shape) is

0.1Pa 105 Wm—2
6(p 1/3
=N (25)

The initial number of crystals N per unit volume is con-
trolled by the nucleation process in the downgoing flow. If

. the,number of crystals N does not change with time, then
The presence of crystals can suppress convection :Ewd

slow down cooling of the magma ocean as a result of v#s—e crystals grow simply because the equilibrium crystal

. ) Y . . tion@increases with depth along the adiabat. However,
cous heating and density stratification associated with crysé%af; qut?c))n of smaller crystzl s an dggrowth of larger crys-
settling. This happens if the crystal size is larger th ST .

(Solomatov and Stevensdg93a) s decreases N (Ostwald ripening) and increases the aver

age size of crystals according to equation (25). Below we
12 compare two end-member cases: nucleation controlled crys-
d :( 18an,F ] (21) tal size (negligible Ostwald ripening) and Ostwald ripen-

7.2. “Necessary” Condition for Equilibrium
Crystallization

f(pgcpApz(p ing controlled crystal size.

8.2. Crystal Size Controlled by Nucleation
where {, is the same as in equation (18).
We obtain When the downgoing convective flow enters the two-
phase region, formation of crystals proceeds via nucleation
1/2 1/2 . . .. L
d, =103 F m (22) and growth mechanism (Figs. 5 and 6). This is very similar
2 0.1Pas 106 wWm2 to bulk crystallization of continuously cooling liquids. In
both cases the number of nuclei formed depends on the
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> > cooling rateT. Solomatov and Stevens(d®93c) solved this
Turbulent > > ) problem for interface kinetics controlled growth. Further
convection analysis $olomatov1995) showed that diffusion-controlled

Silicate magma

Nucleation of
new crystals
in the descending
convective plumes

Fig. 5. Magma ocean in the beginning of crystallization. The size
of crystals is determined by the number of nuclei produced in the
descending plumes upon entering the two-phase region.

growth during nucleation is more consistent with various
experimental data on silicates and alloys (Fig. 7), although
the effect of transient nucleatioKdgshchiev,1969) still
needs to be investigated.

The number of nuclei produced per unit volume during
the nucleation period is

3/2+32,32
=O.2Z ™

where D is the diffusion coefficien,= AT/AC determines
the relationship between the supersaturati@hand the
supercoolingAT and is of the order of the difference be-
tween liquidus and solidus temperaturgs; T, — T, A is
the coefficient in the nucleation rate function

JAT) = aexp(—%] (27)

3 12
A= 16107,,1)

= (28)
kg Tp’AH?

where T' is the supercooling, a is a constagis The melt-

ing temperature of the crystallizing phasgijkBoltzmann’s
constantAH is the enthalpy change per unit mass upon
melting, ando,, is the apparent surface energy.

Temperature

Adiabat

The parameter p in equation (26) is nearly constant (~30).
It can be found from

.05dT;/dga”’? D* ?
p:mroﬂ ;/:ﬂazps } (29)

Note that because of a large value of the logarithm, p is
insensitive to the uncertainties in the parameters in the above
equation.

Depth

Liquidus

The effective cooling rate of an adiabatically descend-
ing plume (the rate of change of the difference between the
liquidus temperature,Tand the actual temperaturgyTis

. dT, dT.
T=u Z1_Zad
0( dz dz ) (30)

where dT/dz is the liquidus gradient and gfdz is the
T= ([|'|'Ii - DTad) Uo adiabatic gradient.
g From equations (25) and (26) with~ 60% we estimate

Fig. 6. Nucleation in descending flow in the magma ocean. The
temperature in the superliquidus descending flow follows a one-
phase adiabat (in an ideal equilibrium, the temperature would fol-
low the two-phase adiabat shown with a dashed line). When the
adiabatic temperature drops below liquidus, the temperature keeps
following the one-phase adiabat. Nucleation starts after a small
metastable overshoot and the temperature quickly approaches the
two-phase adiabat.

O
Onue =3 % 107 | —2—
0.02Jm

D 1/2 Uy -1/2 _ (31)
10°m?s? 10ms*
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10-2 crystal size will be reduced further). In this cak#shitz
and Slyozov1961;Voorhees1992)

o = =2 gty DI (32)
where ¢ is the initial crystal sizey, = oc,Vv,/2RT, 0 is the
surface energy,.cis the equilibrium concentration of the

i crystallizing mineral in the melt,vis the molar volume of
the crystallizing mineral, t is the characteristic residence
time in the two-phase region (~HJuand k is a correc-
tion to the originalLifshitz and Slyozov'§1961) equation
for large@ such that h=1 at very smallp and k= 3 for

= 30%. Neglecting the initial crystal size we obtain

104

Grain size, m

10-°

dost = 4 x 10" m (33)

—6 | !
10 104 102 100 102
This crystal size is about the same as the one controlled by
nucleation (equation (31)).

When the completely molten layer disappears (tempera-
Fig. 7. Crystal size vs. cooling rate for five crystallizing phasettire drops below liquidus everywhere), crystals never exit
(from Solomatov,1995): Sn (from Sn-Pb melt, solid boxes), Athe two-phase region and the characteristic time for crystal
(from Al-Cu melt, pluses), Si (from Al-Si melt, diamonds), dioPgrowth is much larger. It takes about®3000s for the
side (from diopside-plagioclase melt, solid triangles), and plagigstential temperature to drop from liquidus to the critical
clase (from diopside-plagioclase, open boxes), which is a sqligy e rature for the rheological transition so that the crys-

solution between albite and anorthite. The data are Eroigren . . . .
et al. (1974),Flemings et al(1976), Grove and Walke(1977), :Z:ﬁzzzﬁ)r?t least 10 times larger during this period of crys

Walker et al.(1978),Ichikawa et al.(1985),Grove (1990),Smith
et al. (1991), andCashman(1993). The theoretical fit to each .
dataset consists of two curves showing the range of uncertainties. Qost ~ 10%m (34)
The curves depend only on one fitting parameter, the apparent

surface energy. The location of the magma ocean is shown with a

large circle (for the parameters given in Table 1). 8.4. Fractional Versus Equilibrium Crystallization

Cooling rate, K/s

The above estimates show that the crystal size during the
early crystallization of the magma ocean is very close to
the critical crystal size separating fractional and equilibrium
crystallization of the early magma ocean (Fig. 8). This

It should be emphasized that the value of the surfaveans that both equilibrium and fractional crystallization
energy,0,,, is not well constrained. It is not the normafup to 60% crystal fraction) are equally acceptable within
surface energy but rather an apparent one for nucleatithe uncertainties of the physical parameters. The potential
The value of 0.02 J 1 (Table 1) is based on the analogyemperature at which fractional crystallization begins is in
with some simple cases that suggest a value,gf which  the ~300 K interval between the liquidus and the critical
is almost 1 order of magnitude smaller compared to ttemperature for the rheological transition.
usual one Dowty, 1980; Solomatov,1995). It is subject to
large uncertainties when extrapolating to magma oceans.

The presence of water reduagg,and increases the nucle- 9. CRYSTALLIZATION BEYOND

ation ratesKenn,1977;Swanson1977;Dowty, 1980;Davis RHEOLOGICAL TRANSITION

et al.,1997) while only slightly increasing D (at high tem-

peratures it is almost the same for all liquids). Therefore, At the crystal fraction aroung,, ~ 60%, the melt/crys-
the presence of water might decrease the crystal size, whahmixture undergoes a very sharp rheological transition to
is somewhat counterintuitive since one would expect an ensolid-like behavior and the deformation is controlled by

hanced crystal growth in the presence of water. the viscosity of the solid phase. Below we will explore what
happens beyond this.
8.3. Crystal Size Controlled by Ostwald Ripening Suppose that when the viscosity jumps up to the viscos-

ity of solids the material just stops convecting. A layer with
A simple estimate of the crystal sizg,dlue to Ostwald the crystal fractionp ~ @, would start accumulating from
ripening can be obtained from diffusion controlled growtthe bottom of the magma ocean. In about 400 yr (equa-
(if interface kinetics is the rate-limiting process then then (16)), the temperature in the entire magma ocean would
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10—5 | | |
103 104 10° 106 107

Heat flux, W/m?

Fig. 8. Crystal size controlled by nucleation (solid line) and the
critical crystal size for suspension (dashed line) as functions of
the heat flux. The crystal size decreases with the heat flux since
the convective velocities, and thus the cooling rates in the descend- :

ing plumes, increase with the heat flux. On the other hand, the ...\ Qoo I.:.a.he0|09lcal
critical crystal size (above which crystals would settle down) in- front
creases with the heat flux. The early magma ocean is located near
the intersection of these two curves.

Solidification

approximately follow the curve = @, = const (the dashed [\ V777 front

line in Fig. 9).

This partially crystallized magma ocean has a huge tem-
perature gradient that follows the cunges @, and there-
fore is gravitationally unstable. The timescale for Rayleigh-
Taylor instability can be estimated from equation (4), in
which the effective density difference across the mantle is
NOWAP = POAT perad2 WhereATg, nqradS the superadiabatic
temperature contrast across the partially crystallized magma
ocean (Fig. 3b).

An important parameter is the viscosity of partially Solidification
molten rocks. Based on recent estimates of the viscosity in ~ |....X... Aorrrerererna front
the lower mantleKarato and Li,1992;Li et al., 1996;Ita
and Cohen,1998) the viscosity just above the solidus is
expected to be around ¥B@Pa s for the grain size of about
10-3m. Small amounts of melt reduce the viscosity further.
Experimental data suggest that the viscosity is likely to be
1-2 orders of magnitude smaller depending on the melt
fraction (van der Molen and Patersoi979; Cooper and 2
Kohlstedt,1986; Jin et al.,1994; Rutter and Neumann,
1995;Hirth and Kohlstedt,1995a,bKohlstedt and Zimmer-
man, 1996). Forng~ 107 Pa s, equation (4) givegsts Z
20 yr.

It is clear that the magma ocean would not “wait” for v
400 yr until it suddenly “decides” to resolve the instability
in 20 yr time. The instability starts developing soon after
the critical crystal fraction is reached at the bottom of thgy. 9. Propagation of the solidification and rheological fronts
magma ocean and takes the form of solid-state convecti@rnthe magma ocean.
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which is the primary mechanism of crystallization beyorfdrmula §00,1967;Dullien, 1979) andp is the melt frac-
the critical crystal fractiorSolomatov and Stevensd®93b). tion.

Therefore a complete solidification front would follow the For example, it takes

rheological front toward the surface (Fig. 9).

o Y(_d YV(_n
10. DIFFERENTIATION IN THE it ~108(0_02J (10_3m) (100Pa S)yr (37)
SHALLOW MAGMA OCEAN
to reduce the average melt fraction to about 2%. Note that
After the rheological front reaches the surface, the drikere we used the value of the viscosity of a low-pressure,
ing force for this type of convection motion disappears ahigh-silica, polymerized magma just above the solidus
it stops. All important changes occur when the potentigdushiro,1980, 1986). Melt/crystal density inversiofgée,
temperature decreases from liquidus to the critical tempet&98) might result in the formation of more than one mol-
ture for the rheological transition. The crystal size becomis layer. In particular, a gravitationally stable molten layer
larger than the critical one for suspension, the heat floguld be formed at the bottom of the upper mantle in addi-
drops, convection slows down, and a stable crust formdtiah to the shallow magma ocean beneath the crust. Cool-
the surface, reducing further the intensity of convection aimdy and further crystallization of these magmatic layers
the cooling rate of the magma ocean. would take an even longer time depending on the global
The lower bound on the depth,,, Of the remaining thermal evolution of the mantle. It can be as fast ds 10
shallow magma ocean can be obtained from an adiabat stei®®-yr (Davies, 1990). However, if surface recycling was
ing at the critical temperature for the rheological transitiomefficient, convection beneath the solid crust would be
Figure 1 suggests that such an adiabat intersects solislogver (e.g.Solomatov and Moresi,996), and crystalliza-
around 10 GPa or &, ~300 km. This estimate is rathettion time would be significantly larger.
uncertain since even a 100 K error in the estimate of the

rheological transition increasesH, by a factor of 2. 11. DISCUSSION AND CONCLUSION
Besides, small superadiabatic gradients can be preserved for
a long time and can increase the estimate Qf K, sub- Although the uncertainties in fluid dynamics of magma

stantially — note that both solidus and liquidus are quiteeans are substantial, the following scenario of evolution
flat between 10 and 23 GPa and even small superadiabatia terrestrial magma ocean can be suggested.
temperatures can extend the depth of the shallow magmaA giant impact melts a significant part of one hemisphere
ocean all the way through the bottom of the upper mantté.the Earth. Isostatic adjustment quickly redistributes the
The presence of water would also increagg i, although mass to create a more stable spherically symmetric configu-
the melt fraction in the temperature range between “drgdtion. In the beginning of crystallization of the magma
solidus and “wet” solidus is small so that “dry” soliduscean, the temperatures in the deepest parts of the Earth
might still be a reasonable basis for defining the depthweére probably near the solidus and depended on the poorly
the shallow magma ocean. constrained preimpact thermal state of the mantle. This
Moreover, when the potential temperature drops belamplies that some portion of the lower mantle could retain
liquidus, the completely molten layer disappears and thebstantial amounts of primordial volatiles.
sequence “nucleation-growth-dissolution” changes to just Crystallization starts from the bottom and in less than
“growth.” In this case, the crystals had enough time to reat®00 yr propagates through the lower mantle. During this
the critical size for the cessation of suspension (equmeriod of time, convection can prevent fractionation of crys-
tions (23) and (34)). Although liquidus is only 300 K abovials up to the critical crystal fraction around 60% (rheologi-
the critical temperature for the rheological transition, tteal transition from a low-viscosity suspension to a high-
bottom of the shallow magma ocean can extend well intiscosity partially molten solid), provided the crystals are
the lower mantle, probably around 40 GPa or so (Fig. 3; ssmaller than 16 m. Kinetics of nucleation and crystal
alsoMiller et al., 1991b;Solomatov and Stevensdr®93b; growth suggest that this is a possibility. Solid-state convec-
Abe, 1997). tion helps further cooling and crystallization of the partially
Differentiation in the shallow magma ocean takes  molten mantle down to the solidus and below. The product
of this period of crystallization is essentially undifferenti-
o~ Hshallow (35) ated mantle with the remaining shallow partially molten
o Uperc layer. This precludes a severe fractionation of minor and
trace elementsKato et al.,1988a,b;Ringwood,1990;
where McFarlane and Drake]l990;McFarlane et al.1994). Small
amounts of crystals might settle down and contribute to the
U = Apd’? formation of an Fe-rich D" layer.
perc 1500, (1‘(H) The shallow magma ocean is the only part of the mantle
that undergoes any substantial differentiation. This can be
is the percolation velocity according to the Ergun-Orningconciled with the observed ratios of major and minor el-

(36)
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Shallow magma
ocean

28 GPa Liquid iron layer

Lower mantle

28 GPa “

Fig. 10. A possible thermal structure of the growing proto-Earth: a shallow magma ocean where crystal settling/flotation and segre-
gation of liquid Fe delivered by impacts take place; a solid lower mantle with liquid Fe diapirs and a liquid Fe coreoifhef ot
shallow magma ocean is located at P = 28 GPa.

ements Gasparik and Drake]1995). Crystallization of the the shallow magma ocean. This happens due to two major
shallow magma ocean takes more thatiyt@nd is prob- events: (1) The potential temperature drops below liquidus
ably a rather complicated process because of the contisa-that crystals can grow to much bigger sizes (instead of
ous supply of the new material by meteorites, remelting dgeing through a relatively short “nucleation-growth-disso-
to the impacts, and tidal heatingears,1993), and a com- lution” cycle) and crystal settling/flotation turns off convec-
plex pattern of crystal/melt segregation due to crystal/mébn; and (2) the potential temperature drops below the
density inversionsAgee,1998). This part of the evolution critical temperature for the rheological transition (about 60%
of magma oceans merges with the subsequent thermal evgstal fraction) at which a large viscosity jump drastically
lution of the Earth controlled by radiogenic heating aréduces the vigor of convection. The difference in the po-
solid-state convection. tential temperature between these two events is only about
The two very different timescales, 3y for crystalliza- 300 K, yet the estimates of the corresponding depths of the
tion of the lower mantle and more thar? @ for crystalli- shallow magma ocean vary from 10 GPa to somewhere
zation of the shallow magma ocean, suggest that the lowesund 40 GPa. The experiments on metal/silicate partition
mantle healed very quickly whenever it was molten bycaefficients for siderophile elements suggest that chemical
large impact, while the upper mantle never had enough tiewguilibrium between liquid Fe and liquid silicate was es-
to crystallize completely. If so, then Fe delivered by impadtblished at P = 28 GPhi(and Agee1996;Righter et al.,
accumulated at the boundary of the shallow magma oce®®97; Righter and Drake1997). The bottom of the shal-
It formed a gravitationally unstable Fe layer that sank intaw magma ocean is controlled by pressure rather than by
the Earth’s core as discussedtigassel(1963),Stevenson depth. Therefore, it is conceivable that the pressure for
(1981, 1990), andarato and Murthy(1997a,b). These metal/silicate equilibrium is the pressure (perhaps an aver-
instabilities probably developed in the form of liquid Fege one) that corresponds to the bottom of the shallow
diapirs that were big enough to preclude any significamtagma ocean.
chemical exchange with the lower mantgvenson, 990; Many aspects of fluid dynamics of magma oceans remain
Karato and Murthy1997a). Therefore chemical equilibriumpoorly understood. The structure and evolution of the shal-
between Fe and silicates was established at the bottontoaf magma ocean, migration of iron toward the Earth’s core,
this shallow magma ocean (Fig. 10) rather than in the loward the effect of water on all processes are among the prob-
mantle T'schauner et al.1999). lems that need to be investigated. It is also clear that the
The sudden drop in the cooling rate of the magma ocqaoblems of crystallization of magma oceans cannot be
is the factor that determines the location of the bottom séparated from other aspects of Earth’'s formation such as
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impacts, core formation, and evolution of the Earth’s atmd3subnov B. M. and Golitsyn G. S. (1986) Experimental study of
phere. A self-consistent model of Earth’s formation is yet convective structures in rotating fluida. Fluid Mech., 167,
to be developed. 503-531.
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